The TOPEWPOSEIDON sea level data leads to new opportunities to investigate some theoretical mechanisms suggested to be involved in the El Niiio/Southern Oscillation phenomenon in the tropical Pacific ocean. In particular, wc arc interested in studying the western boundary reflection, a process crucial for the delayed action oscillator theory, by using the TOPEWPOSEIDON data from November 1992 to May 1995. We first projected the sea level data onto Kelvin and first-mode Rossby waves. Then we estimated the contribution of wind forcing to these waves by using a single baroclinic mode simple wave model forced by the ERS-1 wind data.
Introduction
The delayed action oscillator has been suggested by Schopf and Suarez (1988) to be a potential mechanism for the El Niilo/Soutern Oscillation (ENSO). Battisti (1988) described this theory in the light of long equatorial wave propagation and reflection. The essence of the theory can be summari~ed as follows: considering an initial warm anomaly in the central Pacific, the atmosphcn first responds by westerly wind anomalies west of the initial warm anomaly. The wind anomalies then force eastward-propagating downwelling Kelvin waves which favor the growth of the anomaly and upwelling long Rossby waves which propagate towards the western Pacific where they refleet into upwclling Kelvin waves. These waves travel back to the region of the unstable anomaly, where they act against its growth until they cancel and eventually reverse it into a cold anomaly which, in turn, grows subsequently. Related to the growth of this cold anomaly, easterly wind anomalies take place in the central Pacific and force eastward-propagating upwclling Kelvin waves which favor the growth of the cold anomaly and westward-propagating downwelling Rossby waves. The same scenario as described above for the warm anomaly (but of opposite sign) is then at work to reverse the cold anomaly eventually. ENSO-like oscillations arc thus periodic, and the period depends on the long wave propagation and reflection and on local coupled unstable proecsses in the central Pacific.
In the case of a warm event, the time delay between the first upwclling Kelvin wave generated by Rossby wave reflection and the reversal of the warm anomaly in the central Pacific is around 18 months.
To investigate various potential 13NS0 mechanisms, Li and Clarke (1994) studied historical data of sea level at the eastern and the western boundaries of the Pacific together with zonally averaged equatorial wind. They concluded that the buildup theory described by W yrtki (1975) was consistent with their results. They suggested Rossby wave reflection at the western boundary to contribute to the ocean and atmosphere dynamics in the Pacific interior. But they did not find the Kelvin wave signal in the western Pacific leading the reversal of the winds in the central Pacific by 18 months as stated by the delayed action oscillator mechanism dcscribcd by Battisti (1988) .
Therefore they concluded that "extra physics beyond delayed action oscillator is necessary to dcseribe ENSO". To explain Li and Clarke (1994)'s results, Mantua and Battisti (1994) first showed that even if the delayed action oscillator were at work in the Pacific, the 18-month lag between the Kelvin signal in the western Pacific and the reversal of the winds in the central Pacific would not bc found by Li and Clarke (1994) 's statistical analysis because of the aperiodic nature of ENSO. Therefore, they concluded that Li and Clarke (1994)'s results were not inconsistent with the dcla yed action oscillator theory, but that the scenario originally described by Battisti (1988) needed to be revisited. Thus Mantua and Battisti (1994) argued that, although this mechanism could not explain the lack of regularity of ENSO events, it provided a potential explanation for the growth and decay of these events. Therefore the western boundary reflection acts mainly as a termination mechanism for tic warm events.
The previous results were based on the analysis and comparison of historical sea lCVC1 data in the western Pacific and reduced-gravity shallow-water ocean model hindcasts. Now, synoptic observations of the Pacific provided by the TOGA-TAO (Tropical Ocean Global AtmosphereTropical Atrnopshcre Ocean; Hayes et al, 1991; McPhaden, 1993) mooring array and by satellites (such as altimetric data by GEOSAT from 1985 to 1989, by TOPEX/POSEIDON since octobcr 1992, by ERS-1 since the end of 1991) can help us to investigate the validity of theoretical mechanisms for the basin-wide ocean-atmosphere system variability. After the detection of long equatorial wave propagation in GEOSAT data by Dclcroix ct al. (1991 ), duPcnhoat et al. (1992 studied potential wave reflection at the eastern boundary by using a simple ocean model. Later, Dclcroix ct al. (1994) projected GEOSAT sca level and corresponding gcostrophic zonal currents onto long equatorial waves over the 160"E-90"W region. They showed clear propagation of Kelvin and first-mode Rossby waves as WC1l as their important contribution to the equatorial ocean dynamics during the 1986 -1987 El Nifio and 1988 -1989 La Nifia events. However, they did not ohscrvc any Rossby wave reflection contributing to the Kelvin wave amplitude in the central Pacific.
Rather, wind forcing in the western Pacific appeared as a main trigger of Kelvin waves propagating towards the central and east Pacific. Investigating the displacement of the eastern edge of the Pacific warm-pool during the 1986-1989 ENSO period, Picaut and Dclcroix (1995) found that a strong downwclling first-mode Rossby wave (partly reflected at the emtcm boundary from a downwe.lling Kelvin wave and partly wind forced along its path) induced strong westward gcostrophic zonal currents at the end of 1987. They further argued that this wave could have pushed back the eastern edge of the warm pool and have been responsible for the switch from the 1986-1987 El Nifio to the 1988-1989 La Nifia. Such a scenario disagrees with the delayed action oscillator theory. Using mainly the TOGA-TAO buoy array data, Kessler and McPhadcn (1995) investigated the equatorial dynamics over the 1991-1993 ENSO period. They advocated that the reflection of an upwelling Rossby wave at the western boundary terminated the 1991-1992 El Nifio event, but they did not observe any downwelling Rosby wave as a precursor for the 1992-1993 warm event. They concluded that the propagation and reflection of equatorial waves cannot fully explain the occurcnce of' EN SO event. Their result seems consistent with Mantua and Battisti (1994) 's conclusion: the delayed action oscillator may explain the termination of the warm events, but a coupled mechanism responsible for the initial unstable perturbation is beyond this theory.
Recent] y, Boulangcr and Mcnkcs (1995) presented a method to calculate long equatorial wave coefficients from sea level data throughout the equatorial Pacific basin. They applied it to TO(lA-TAO dynamic height and TOPEX sea level data during the November 1992-December 1993 period.
Having found evidence for the propagation of Kelvin and first to third mode Rossby waves at theoretical phase speeds, they investigated the reflection of long waves at both boundaries. They did not observe any clear reflection at either boundary and concluded that, during the period under study, wind forcing was a major trigger of Kelvin and first Rossby waves propagating in the central Pacific.
The previous studies highlighted the missing initial perturbation mechanism for ENSO events and gave different explanations for the termination of the 1986 -1987 and 1991 -1992 events. Although the short period of TOPEXWOSEIDON sea level data does not allow the study of the role of reflection in the interannual variability as done by Mantua and Battisti (1994) , we can investigate the existence of long wave reflection at both boundaries of the Pacific ocean. In the present study, wc use a different version of the TOP13X/POSEIDON data from that used by Boulangcr and Mcnkes (1995) . The results in terms of long wave coefficients are compared to a simple wind-driven model simulation to study potential boundary reflection of Kelvin and first-mode Rossby waves. This paper is organized as follows: Section 2 presents TOPEX/POSEIDON sea level data processing as well as ERS-1 wind data over the November 1992-May 1995 period, the decomposition method of 130ulanger and Menkcs (1995) and the simple wind-driven model are bicfly presented; Section 3 dcscribcs long wave propagation and their variability; Section 4 discusses long wave reflection at both the eastern and western boundaries; Section 5 suggests a potential role of the reflccction observed in January-June 1994 in the onset of the warm conditions in late 1994-early 1995; finally, Section 6 presents conclusions.
IL Data and analysis methods
The TOPEWPOSEIDON sea level data (Fu et al., 1994) from October 1992 to June 1995 were used in the study. Standard instrument and environmental corrections (including the inverted barometer effect) were applied (Callahan, 1994) . Additionally, the tide model of Ma et al. (1994) ba.scd on the TOPWUPOSEIDON data was also applied. Along-track data were binned every cycle into a 3° longitude by 0.5" latitude grid for the analysis discussed below. There are two differences from the data described by Mcnkcs et al. (1995) and used by Boukmgcr and Mcnkes (1995) . First, they used the tide model of Ray et al. (1994) . Second, they binned along-track data into 10°l ongitude by 0.5° latitude boxes every 5° longitude. These differences may be responsible for the different results from the two studies especially near the ocean boundaries where high resolution is desired.
As wc examine long wave propagation and reflection, wc are interested in the low-frequency large-scale signal of the TOPEX/POSEIDON (T/P hcrcaftcr) sea level data. Therefore, the data arc interpolated onto a 10-day time step and filtered with a 50-day IIanning falter (except spccificd otherwise). The method of Boulangcr and Mcnkes (1995) was then used to project the sea level data, denoted h(x,y,t) into the modes of long equatorial wave as follows:
where r n are the coefficients to be calculated by the method and R:(y) arc long wave sca level structures ( Figure 1 ; n=o refers to Kelvin wave, n greater than O refers to the corresponding long Rossby wave). The sum is assumed to bc finite (N=20; see Iloulangcr and Menkcs (1995) for a discussion on the value of N). Only ro and rl arc analyzed in the following.
We first construct sea level anomalies from the Kelvin and first-mode Rossby coefficients for comparison to the original T/P sca level data. Anoma\ics are computed relative to the mean of the (1994) and Boulangcr and Menkcs (1995) .
To detect potential reflection of Kelvin and first-mode Rossby waves at either boundary, wc need to estimate the wind forcing contribution to these wave signals. We used the ERS-1 zonal wind stress data provided by the "Centrc ERS d'Archivagc et dc Traitcmcnt" located in the "lnst~.tut
Frangais dc Reehcrche pour l'Exploitation de la Mer". Data were first convcrtcd to wind stress using bulk formulae (Smith, 1988) and then griddcd on a 10 longitude by 10 latitude grid every 7 days. At last, we interpolated the wind stress data onto a 10-day time step (as T/P sca level data) and filtered the data with a 50-day Hannning filter. We used the method dcscribcd by Boulangcr and Mcnkcs (1995) to calculate the Kelvin and first-mode Rossby forcing coefficients. The following simple wave equations am then used to estimate the simulated wind-forced Kelvin and first-mode Rossby wave coefficients (denoted by so and SI):
where bo and bl respectively denote the Kelvin and first-mode Rossby forcing coefficients, rfric is a Rayleigh friction coefficient (chosen to correspond to a 3-month time scale; this value is consistent with the results of Picaut et al.(1993) and a similar study by Kessler and McPhaden (1995) ), co is the wave speed of the first baroclinic mode (2.5 nds for a typical stratification in the tropical Pacific), H is the thickness of the shallow-water layer (80m), and po is the density of sca water. This choice of parameters gives a good comparison to data. Our purpose is not to do a quantitative comparison between the lonp wave coefficients and our simrde wave model. but rather to identifv the txmiock and
regions of major contributions of wind forcing to the observed long wave variability.
I.ong equatorial wave coef!lcients
Kelvin wave coefficient. Pigurcs 3a and 3b rcspcctivcly display the Kelvin wave coefficients First, it is important to note that the variability observed in the Kelvin wave coefficient is very different from one year to another, leading to the conclusion that no evident seasonal cycle is apparent in the Kelvin wave variability over these two and a half years of data, llcn, the comparison between Figures 3a and 3b shows that major differences are observed near the western boundary where the simulated Kelvin wave amplitude is much weaker than the amplitude of the T/P Kelvin wave. It is interesting to note that, when this missing signal was imposed as a boundary condition to the wind-forced model simulation, the resulting simulated amplitude became closer to the observed one. Therefore, most of the discrepancies between the model and TN data in the central and east
Pacific can be traced to the discrepancies in the western Pacific in terms of Kelvin waves. Whether this missing amplitude can be explained by first-mode Rossby wave reflection is an isssue adresscd later in the paper. Moreover, the downwelling Rossby wave initiated in summer is found coming from the eastern boundary in 1993, not in 1994. This is bccausc, strong downwelling Kelvin waves were impinging at the eastern boundary in spring/summer 1993, but not in 1994. Similarly impinging downwclling Kelvin waves in November-Dccembcr 1994 seemed to bc responsible for the strong downwelling Rossby signal observed near the boundary. As this signal propagated westward, it was intcrfcmd by the wind-forced upwclling signal (Fig. 4b) . This intcrfcrcnce explained the differences in amplitude bctwccn the simulated and observed upwcling Rossby waves in Spring 1995 west of 110"W.
Therefore, the reflection of Kelvin waves explains the differences between the observation and the model simulation near the eastern boundary, and it also explains the differences in the observed Rossby wave signal in this region between 1993, 1994 and beginning of 1995. Near the wcstem boundary, the main differences between 1993 and 1994 were observed during January-June 1994 when strong downwclling Rossby signals were observed west of the date line. At {his time, downwelling Kelvin waves (Fig. SC) , not fully explained by the wind variability (Fig. 3b) , were found in the western Pacific, indicating potential wave reflection of the downwclling Rossby waves at the western boundary. We now examine in more details the Kelvin and first-mode Rossby wave coefficients near the boundaries.
lV. Long equatorial wave reflection
Eastern boundary reflection. WC first look at two longitudes 84"W and 93"W which are rcspcctivcly located east and west of the Galapagos islands. If reflection occurs near 80"W at the coast of South America, the phase lag between the Kelvin and first-mode Rossby wave coefficients at the two longitudes arc respectively 10 and 30 days (for a 2.5m/s Kelvin wave phase speed). Figure   6a displays the Kelvin coefficient with a 10-day lag (dashed line) and the first-mode Rossby coefficient (solid line). The correlation between the two is 0.85, whereas the correlation between the Kelvin coefficient without the 10-day lag (not shown) and the first-mode Rossby coefficients is only 0.78. The Kelvin and first-mode Rossby coefficients have similar amplitudes. Therefore, it seems that during most of the period, the Kelvin and first-mode Rossby signals are correlated and their ratio of amplitudes is close to one. In theory, if the South America coast were an infinite wall, the reflection coefficient would be equal to 1.2 (Boulangcr and Menkes, 1995) . Therefore, our study leads to an 809i0 reflection efficiency of the eastern bounda~. 
It is not clear why the Galapagos Islands would affect the first-mode Rossby wave and not the
Kelvin wave. However, it seems plausible that this decrease in the Rossby wave amplitude would be due to the vertical energy propagation decribcd by Kessler and McCrcary (1993) . In their study, they dcscribcd the first-mode Rossby wave as the sum of many of its vertical modes (fifty in their stucly).
The higher vertical modes have slower vertical propagation and thus arc more likely to lose their energy. When projecting sca level onto the structures of the first baroclinic mode, leakage of energy from the high modes is inevitable. Therefore, a vertical energy propagation might be manifested in our Rossby coefficient by a decrease of its amplitude along the propagation. The use of a strcmg
Raylcigh friction coefficient (3-month time scale) in the simple model is then a crude way to simulate the vertical propagation of energy in our one-layer model.
Western boundary rejection.
As mentioned in Boulangcr and Menkes (1995) , the wave coefficient calculation is valid only when the southern boundary of the data is southward of 2"S.
Therefore, wc study reflection at the western boundary by investigating potential relationship between the Kelvin and first-mode Rossby wave coefficients at 144"E instead of locations further west where the southern boundary is north of 2°S. Due to a possible bias by tides at 60-day period (aliascd M2 period in T/P data) in the western Pacific region, wc decided to filter the sea level data by a 90-day Harming filter. The time for a first-mode Rossby wave to travel from 144"E to the western boundary ( 130"E), to reflect and travel back to 144"E as a Kelvin wave is around 30 days.
Thus, Figure 7a displays the Kelvin coefficient and the first-mode Rossby wave coefficient with a 30-day lag at 144"E. The correlation between the two is 0.54, whereas the correlation between the Kelvin coefficient and the first-mode Rossby coefficient with no lag is 0.24.
If a Rossby wave of amplitude of unity is to reflect at the western boundary, the amplitude of the Kelvin wave will be 0.41 (Boulanger and Mcnkes, 1995) . In Figure 7a These questions are worth of investigation in the future.
V. The reflection in 1994 and the onset of the warm conditions in early 1994-late 1995
As noted above, the reflection of the Rossby waves at the western boundary in early 1994
seems to be related to the subsequent warm conditions observed in the Pacific ocean in late 1994.
From November 1993 to February 1994, the eastern edge of the warm-pool (SST higher than 28"C) was displaced westward (Figure 8a ) while a downwclling first-mode Rossby wave was observed in the central Pacific (Figure 4a ). Related to this displaccmcnt, strong cold SST anomalies (more than -1.O"C) were observed from 170"E to 150"W ( Figure 8b ). On the west side of these anomalies, easterly wind anomalies in early 1994 ( Figure 8c ) were generating strong eastward propagating upwclling Kelvin and westward propagating downwclling Rossby waves. The latter rcflectcd into downwclling Kelvin waves which could not reach the eastern Pacific ocean duc to the easterly anomalies near the date line. However, they cancellcd part of the wind-forced signal and acied against the negative SST anomalies, which indeed decreased in April-May near the date line. When these anomalies were cancelled and eventually switched to positive SST anomalies in July 1994
(SST was then higher than 30"C at the date line), a strong downwclling Kelvin wave (not fully explained by the local wind-forcing) propagated to the central Pacific ocean (Fig. 3a) . Following the reversal of the wind and SST anomalies in the central Pacific, strong downwclling Kelvin waves were forced during late 1994-earl y 1995. Warm conditions were then observed in the equatorial Pacific ocean. Therefore, the conditions observed during the January-July 1994 period lead to the possibility that the reflection of downwelling Rossby waves into downwelling Kelvin waves may have played the role of an onset mechanism for the late 1994 warm conditions.
VI. Summary and conclusions
Following Boulanger and Mcnkcs (1995) 's decomposition method, the TOPEX/POSEIDON sea level data are projected onto long equatorial wave structures. In this study, we only foeus on Kelvin and first-mode Rossby waves. The sea level variance explained by these two waves is higher than 80% over the 3"N-3"S equatorial band with maxima close to 96% at the equator. The Rossby signal is primarily dominated by an annual cycle. Downwelling waves arc generated west of 11 O"W during Deccmbcr-January, followed by the annual upwelling Rossby wave related to the weakening of the Trades in spring. Subsequently, downwclling Rossby waves are observed again in July in the eastern Pacific. However, differences can be observed between 1993, 1994 and the beginning of 1995. These differences mainly appear near the boundaries. At the eastern boundary, the Rossby signal is generally correlated with the impinging Kelvin signal consistent with the wave reflection theory. At the western boundary, the differences in the Rossby signal are found to be related to the wind forcing located near the date line. Occasional evidence is found for [he reflection of Rossby waves into Kelvin waves.
In the present study, wc found that eastern boundary reflection indeed occurcd during the reflection efficiency of the South America comts (in terms of wave amplitude) was estimated to be 80% of that of an infinite meridional wall. No main differences were observed between Kelvin signal cast and west of the Galapagos Islands, leading to the conclusion that these islands do not affect Kelvin waves in their propagation or amplitude. However, the Rossby wave amplitudes is decreasing while propagating from the coast to west of the Islands. This feature can be explained by the vertical energy propagation of Rossby waves (Kessler and McCrcary, 1993) . Although the delayed action oscillator mechanism does not give a role to the eastern boundary reflection in the intcrannual variability (Battisti, 1988) , the strong evidence of this reflection during the entire period of study 
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